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Abstract

A detailed error analysis is performed for the calculation of open-ocean salinity changes from
carbonate oxygen-18 proxy data. Measurement errors are generally negligible, however, errors
due to the “goodness of fit” of various regressions used in the calculation are significant.
Depending on the method used and on the proxies available, error bars (1) for the salinity
range from 0.6 to 1.8. In particular, expected errors for the midlatitude and tropical salinity
differences at the Last Glacial Maximum are around 1.1 to 2.5. The largest errors occur because
of the differences between temporal and spatial seawater oxygen-18:salinity relationships and
through the use of nonconcurrent temperature measurements. Methods of improving
paleosalinity estimates should focus on eliminating these large sources of uncertainty.



1. Introduction

Many methods now exist for estimating paleotem-
peratures including transfer functions, modern analogs,
alkenone ratios, ratios of Sr/Ca (in aragonite) and,
more recently, of Mg/Ca (in calcite). This has led to
the hope that carbonate oxygen-18 (d.) records can
be adjusted for local temperature changes and used
to produce seawater oxygen-18 (d,,) records, which in
turn, it is assumed, can be related to paleosalinity.

Such surface paleosalinity reconstructions are be-
coming part of the standard paleoclimatic toolbox.
However, the use to which a paleorecord can be put is
heavily associated with its accuracy. This approach
calculates paleosalinity indirectly as a residual, and
hence particular care must be taken to estimate the
errors in such calculations before any paleoclimatic
conclusions are drawn. In previous work, error bars
have generally only been given for some of the more
obvious errors and rarely combined correctly to give
the overall error estimate.

The relationship between oxygen-18 and salinity is
fundamental to this calculation since it used in cali-
brations to present-day conditions and in the final de-
duction of the paleosalinity record. With more recent
observations of seawater oxygen-18 and the advent of
atmosphere and ocean general circulation models that
contain the physics necessary to calculate oxygen-18
ratios in water a better understanding of this relation-
ship is becoming clear. Hence the scatter associated
with this relationship (the “goodness of fit”) and its
change through time can be used to estimate errors
associated with its use.

Since these errors were not previously considered
(perfect correlations and invariance through time were
assumed) they have the effect of increasing the error
bars previously published. However, since most of
the previously implicit errors are now clear it should
henceforth become easier to concentrate efforts on
eliminating the most significant.

2. Oxygen-18/Salinity Relationship

Observations [Craig and Gordon, 1965; Ostlund
et al., 1987; Fairbanks et al., 1992; Bauch et al.,
1995] and modeling studies [Schmidt, 1998, ; G.A.
Schmidt, Forward modeling of carbonate proxy data
from planktonic foraminifera using oxygen isotope
tracers in a global ocean model, submitted to Paleo-
ceanography, 1999, hereinafter referred to as Schmidt,
submitted manuscript, 1999] have all demonstrated
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that the surface ocean values of salinity and d,, are
roughly linearly related. How rough is this relation-
ship? Depending on the scale over which the data
is examined the answer varies. For all upper ocean
(<250 m) samples from Geochemical Ocean Sections
Study (GEOSECS) (including H. Craig, unpublished
data, 1987) the relationship, given that the errors in
measurements of salinity (~0.002) are much smaller
than the errors in §,, (~0.05%0), is

Sw = —17.0+ 0.4955 * o (1)

(r?=0.88, §,, defined with respect to Vienna SMOW).
The 95% confidence limits on the intercept value and
gradient are small (£0.2 and £0.006, respectively).
The standard error o, of §,, (for known S) from this
relationship is 0.2%c. Conversely, for known §,,, the
standard error in S is 0.4. This is explicitly included
in (1) to emphasize goodness of fit as a separate source
of error. Models show approximately the same degree
of global scatter. However, at the regional scale in
both models (Figure 1) and observations, there can
be wide variations in the mixing lines. For instance,
scatter in a collection of tropical samples [Craig and
Gordon, 1965; Ostlund et al., 1987; Duplessy et al.,
1981, ; R. G. Fairbanks, unpublished data, 1998] is
0.13%0 (with slope 0.30) In the Arctic it can be as
high as 0.3%¢ (slope 1.02) [Bauch et al., 1995]. The
global mixing line is thus most appropriate for the
midlatitudes to high latitudes; in other regions the
local mixing line should be considered.

The temporal relationships (how §,,:S varies with
time at a point) on seasonal, interannual, or longer
timescales are not as well defined. The observations
of seasonal variability in J,, are few and mainly con-
fined to the tropical Pacific [ Wellington et al., 1996, ;
R. G. Fairbanks, unpublished data, 1998], and coastal
regions such as the Gulf of Maine [Fairbanks, 1982].
These observations hint that at least seasonally, spa-
tial relationships change as a function of the isotopic
content of the dominant freshwater sources (for in-
stance, river outflow off Maine). Modeling studies
also seem to indicate large seasonal excursions, espe-
cially in the Southern Oceans where there is a large
sea ice meltwater signal. This meltwater consists of
seawater that was frozen in the open ocean (enriched
by ~3%o over the seawater from which it derives),
highly depleted snow (-15—-20%0), and snow-ice made
from snow and sea water frozen in situ [Macdonald
et al., 1995]. The proportions of these types of ice vary
depending on location and season (for instance, snow-
ice is more prevalent in the Southern Ocean). The
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salinity of sea ice varies from ~13 for newly formed
ice, to below 5 for multiyear ice. Hence the isotopic
and salt content of sea ice meltwater and its influ-
ence on the §,,:5 relationship can vary greatly. More
observations and better constrained models are nec-
essary to completely quantify these effects. Thus it
can be expected that the error involved in estimating
0, from the salinity is a function of season, but this
should not significantly increase the absolute error.
Since most regional surface relationships tend to con-
verge near 0,,=0.8%0 and S=36. errors in using an
incorrect linear relationship will tend to be greater at
low salinities.

There is no evidence that long-term changes in
0,,:S parallel the spatial relationship. Given the scat-
ter in the d,,:S plane, it is more than likely that for
small changes in d,, (<0.2%), there is little or no
correlation with salinity. Model results (Figure 2)
demonstrate that although there is a tendency for
the larger changes to be associated with the linear
relation, smaller changes in salinity are unrelated to
those in é,,. This would seem to be a fundamental
constraint on the application of this methodology.

In the case where there has been a significant
change in climate the slope of the linear regressions
might also change. For the global regression the
change could be estimated by assuming that the high-
latitude end-member of precipitation was different
and that the linear regression still passed through
the ocean mean point (currently §,=0%0, S=34.7),
which it does at present within lo.,). This as-
sumption is probably better than assuming no change
through time and, indeed, a thorough investigation
of §,,:S changes in a recent study [Rohling and Bigg,
1998] concluded that the global mixing line is unlikely
to have remained the same under the very different
hydrologic conditions pertaining at the Last Glacial
Maximum (LGM).

At aregional level it is much more difficult to deter-
mine the temporal variation of the mixing line. For
instance, Rohling and Rijk [1999] provide good evi-
dence that the Mediterranean has experienced large
changes in the hydrologic cycle through time that sig-
nificantly changed the regional mixing line. Model
results may be of help in determining these changes
and possibly the degree to which the ratios of evapo-
ration to precipitation/runoff may vary. In the tropics
the mean freshwater end-member will always be close
to the average tropical evaporation (since most rain
is not exported to the higher latitudes). However,
changes in water transport in the atmosphere could
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lead to substantially different variations in different
oceans. A greater regional evaporation to precipita-
tion ratio (E/P) will imply a shallowing of the mixing
line, smaller E/P will imply a steepening. However,
the tropical mixing lines do not pass through ocean
mean water, and so, another assumption has to be
made concerning the relationship of the regional wa-
ters to the global mean.

3. Methodologies and Error Estimates

This section outlines the steps involved in the most
general way possible. There is generally some freedom
in how to proceed and for some methodologies some
steps are unnecessary and can be bypassed. For each
step a conservative error estimate is derived that de-
pends on the particular choices that could be made.
Errors are of three forms: measurement errors (usu-
ally small), uncertainties in derived coefficients, and
scatter. Error estimates are given in terms of the
standard error o, which implies that 67% of the data
lie with £¢ of the mean.

These errors can propagate through the process.
The error in the final product can be calculated from
the following formula: if Y = f(X;,X,,...,X,,) and
each of the X7 has a standard error ox, associated
with it, then the standard error of Y, oy, can be
written as [Press et al., 1990)

n 6 2
=3 (5r) @)
i=1 ¢

Systematic errors in constant intercepts are ignored in
the subsequent calculations since it is anticipated that
changes of §,, and S, not absolute values, will be con-
sidered most important. Differences have a slightly
higher scatter than absolute values by a factor of v/2.

3.1. Retrieve a Record of §. Through Time

The error o, in . in foraminifera depends mainly
on the number of shells analyzed, and for standard
practice this has an associated error of around 0.1%o
[Duplessy et al., 1991]. In corals, reproducibility
is better, and errors are around 0.06%¢ [Wellington
et al., 1996].

3.2. Retrieve an Independent Temperature
Proxy T,

A temperature proxy is usually calibrated to sea-
sonal or annual mean sea surface temperature (SST),
and each proxy comes with its own error. Commonly



used proxies have approximately standard errors o7,
of £1°C (including alkenone and coral Sr/Ca ratios
[Muller et al., 1998; Gagan et al., 1998]). Faunal
assemblages or modern analog methods claim simi-
lar accuracy (£1.9°C and £1.5°C, respectively [Or-
tiz and Miz, 1997]), but given the debate over the
tropical temperatures at the LGM, this may be an
underestimate. Mg/Ca ratios are more experimental,
and preliminary estimates of the precision and repro-
ducibility errors lead to temperature errors of ~1.3°C
[Hastings et al., 1998]. Note that these errors are not
necessarily typical of all situations where these proxies
may be used: representative errors should be calcu-
lated for each separate application.

3.3. Choose a Paleotemperature Equation

Equations derived from inorganic data [O’Neil et al.

1969] have traditionally been used to determine the
temperature-dependent fractionation at calcification.
However, recent experiments with inorganic carbon-
ate at lower temperatures [Kim and O’Neil, 1997] and
with cultured foraminifera [Spero et al., 1997; Bemis
et al., 1998] have produced discrepancies with the ear-
lier equations. The differences can be as large as 4°C
over the range 0°— 25°C [Bemis et al., 1998] (maxi-
mum differences are for cooler temperatures). As an
example, the linear fit to the Kim and O’Neil [1997]
data is

T=A+B(0. —6y) xor (3)

with A = 16.3 and B = —5.0 (6. and 4, are de-
fined with respect to Peedee Belemnite (PDB)) and
has an error o = 0.8°C (essentially the same as
for a quadratic approximation). For corals, there are
species-dependent “vital” effects that cause the tem-
perature dependence to vary [ Weber and Woodhead,
1972]. Scatter around the linear regressions typically
has an error o = 0.5°C [Gagan et al., 1998].

The values of the slope B in other equations range
from —4 to —5. Hence error in the gradient (op)
of ~0.3 could also be included in the error analysis.
However, the scatter amongst different paleotemper-
ature equations is not a normally distributed random
variable, and it is unclear how to treat it. However,
for both corals and foraminifera, differences in possi-
ble equations are mainly in the intercept, rather than
the slope, and hence temperature differences are bet-
ter constrained than absolute values.
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3.4. Calibrate the Calcification Temperatures
T. and Those Measured by the Proxy

This step is necessary only when the proxy tem-
perature is distinct in season and/or environment
from the calcification of the carbonate, for instance,
when using faunal assemblage transfer functions or
alkenone ratios to estimate annual mean or summer
SST. Ratios of Mg/Ca or Sr/Ca, however, should
record the temperature concurrently at calcification
and could be used directly in (3), provided that the
calibration of these proxies is done to the in situ tem-
perature and not to the summer SST or some such
variable.

The calcification temperature is calculated from
(3). For that the present-day distribution of §,, at
calcification must be estimated. In the general ab-
sence of any concurrent d,, measurements at core sites
to compare with the core-top d. values, d,, is usually
estimated from either a local or global §,,:S relation-
ship. As described above, the standard error o, in
doing so in the open ocean is probably ~0.2%c. In
tropical regions or where there is significant runoff or
sea ice meltwater effects, local relationships that re-
flect the dominant freshwater source are likely to be
more accurate.

The error in estimating the present-day calcifica-
tion temperature is a combination of errors in core-top
0. (0.), the assumed 6, (0y,), the temperature equa-
tion slope (op), and the scatter of the temperature
equation (o)

07, =07+ B*(07 + op) + (0 — )0l (4)
(ignoring any error in the intercept), which gives (as-
suming that 6. — d, = O(2%0)) o1, = 1.5°C. If the
error in the gradient of the temperature equation is
excluded, the error reduces slightly to 1.4°C.

The calibration of 7, and the climatological tem-
perature (that will be estimated from Tj) is gener-
ally a combination of offset and factor, i.e., T, =
C + DT}, £ oca, although for simplicity, any differ-
ence between D and 1 is assumed to be negligible.
Given the errors in estimating 7., the scatter around
any such calibration is likely to be of the same mag-
nitude. Examples from the literature show that for
Neoglobogquadrina pachyderma (1) or Globigerinoides
bulloides, simple offsets have been used to deduce T,
from summer SST (with scatter +1.2°~1.5°C) [Du-
plessy et al., 1991]. In the tropics, Globigerinoides
ruber (white) has been calibrated to to summer SST
in the Atlantic (£1.4°C) [Wang et al., 1995] with a



combination of offset and factor, while in the Indian
Ocean, G. ruber (white) has been calibrated with a
simple offset (£1°C (estimated)) [Rostek et al., 1993].
It is consistent with these results to assume a priori
that the scatter in the calibration is of the same or-
der as the error in calculating T¢, i.e. gca1 ~ o7.. In
actual cases, seasonality, depth stratification and re-
gional differences will affect 0,1, and as in the Indian
Ocean, the calibration error may well be smaller if
circumstances are favorable.

3.5. Derive a §,, Record From T}, and 6.

Inverting (3) and substituting for 7. gives
1
0w = 0. — E(TP—FC—AiaTﬂ:acal)

Note that an additional 0.27%c should be added to
this value to convert the §,, defined with respect to
PDB to VSMOW. Combining the errors in 6. T}, the
calibration and the temperature equation, the error
in 8, is
2 2 Lo, 2 2

Oy = 0¢ +§(UTP +o7+0ca) (5)
An extra term of [(T, + C — A)/B?]?¢c% can also be
included but is minor compared to the other errors. In
the case where a calibration is necessary, o, ~ 0.4%q,
and where no calibration is used, gy ~ 0.25%q.

3.6. Correct for Global Ice Volume Changes

Changes in sea level due to the growth and de-
cay of ice sheets increase both global salinity and §,,
since the high latitude precipitation that forms the
ice is very depleted (~ —30-—50%0). The changes in
global mean salinity can be calculated as a function of
mean sea level change: AS,, = 34.7A /(3800 — A) or
more simply as 34.7A /3800 (to within 3%). Recent
estimates of mean sea level change at the LGM are
120 £ 5 m (at Barbados) [Fairbanks, 1989] and 118
m [Peltier, 1998]. Since the latter number is tuned
to the Barbados sea level curve the error in the sea
level estimate is at least 5 m. The change in J,,
is more difficult, and estimates at the LGM range
from 1.0+0.1%0 [Schrag et al., 1996] to 1.3%0 [Fair-
banks, 1989]. The Fairbanks number is derived from
a scaling with local sea level change (0.011%0 m~! sea
level change). The use of this scaling does involve an
assumption that the increase of §, m™! of sea level
drop is invariant. Given the growth in elevation and
general cooling that occur as the ice sheets grow, it
might be expected that the increase should be greater
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for lower general sea level, but as yet, this effect is to-
tally unquantified. Thus conservative estimates for
the uncertainty in the ice volume change effects, S;
and ¢;, at the LGM are ~0.05 and 0.1%0, respectively.

During times of rapid ice volume change the un-
certainty must be greater since it is unclear exactly
how the mean ¢,, change propagates through the deep
ocean. At timescales of <1000 years the deep ocean
cannot be considered to be well mixed.

3.7. Assume the Paleo-9,:5 Relationship

How can the uncertainties discussed in section 2
be quantified? The possible error in the global spatial
gradient is governed by uncertainty in the net isotopic
content of high-latitude precipitation dp (currently
~ —17%). Since this must be > —10%¢ (the value of
evaporation in the tropics, implying almost all precip-
itation falls in the high latitudes) and < —30%o (the
most depleted open ocean precipitation) the global
gradient must be between ~0.30 and 0.85. Neglect-
ing a (1 — S) factor, the paleo-mixing line is

6. 6’

! i F
w
6 —6F+<Sm S£>Sj:0m1

= 5}‘ +G'S £ om (6)

where primed quantities represent the paleovalues.
A standard error oF of 2%o in the freshwater end-
member corresponds to an error in the gradient of
~0.06. Errors in the S; and ¢; have only negligible
effects on the global gradient error.

In the tropics, uncertainty in the isotopic content
of the freshwater end-member will be less (since it will
be close to the net evaporation value). However, the
uncertainty may be greater in the Atlantic since the
amount of water vapor exported to the Pacific could
vary in time. The tropical mixing lines do not nec-
essarily pass through mean ocean water; therefore an
extra term dofset (the offset in d,, for tropical waters
of mean ocean salinity compared to the mean ocean
value) appears in the equation for G'. The error in
assuming that this term remains constant in time will
probably be small (<0.2%), and so, it does not sig-
nificantly contribute to the error. Local mixing line
changes due to varying amounts of sea ice meltwater,
river, or glacial runoff through time will increase the
uncertainty but are harder to quantify in the absence
of more detailed modeling.



3.8. Calculate S From 4,

For the given §,, the local paleosalinity is assumed
to be on the estimated mixing line (6),

1
S = = (60 = 3 £ o) (7)

The error in the absolute value of S is a combina-
tion of errors in d,,(0y, ), the freshwater end-member
(oF), the ice correction values and the goodness of
fit of the mixing line (o). However, since all possi-
ble lines are assumed to be passing through the mean
ocean water the error is best represented as a function
of Ayi = (6w — 6;)/0% and after a number of small
approximations have been made, is

1
05 ~ 0% + Gz (Om T ou 05, + ALioy)  (8)
This equation is valid for the tropics as well, with
the understanding that op corresponds to the uncer-
tainty in the tropical freshwater end-member and that

Awi = (611) — 6l - 6offset)/6%“

3.9. Alternative Calibration to Present-Day
Surface Salinity

The salinity deduced above is, at best, a measure
of the salinity at the season and depth of calcifica-
tion. Although corals and some tropical planktonic
foraminifera do live exclusively in the mixed layer,
other species, for example, N. pachyderma (1) and G.
bulloides, have widely varying depth habitats and sea-
sonal abundances [Hemleben et al., 1989]. An alterna-
tive to calibrating the temperatures is a calibration of
the core-top isotopic salinity to sea surface salinity. If
the temperature calibration was purely an offset and
the temperature equations are assumed to be linear,
then this step oblivates the need for step 4, and T, can
be used directly in (3). Wang et al. [1995] performed
a comparison between the summer salinity and the
isotopic salinity deduced from core tops and showed
a standard error of 0.7 and a significant offset of ~2
. Essentially, this offset is a correction for the uncer-
tainty in season and depth habitat and the possibly
incorrect specification of the temperature equation or
mixing line. However, this is not the standard error
for all paleosalinity estimates due to ice volume ef-
fects and the uncertainty in the isotopic composition
of the freshwater end-member. The error in the salin-
ity changes is then the same as in (8) except that oy,
is now the uncalibrated value (0.25%0) and an extra
error osea) of ~0.7 appears. Then og is ~1.1 (assum-
ing o = 2%0). This is slightly higher than for the
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temperature calibration method; however, the pale-
osalinity is calibrated directly to the surface salinity
field.

4. Total Errors for Different
Methodologies

Given perfect in situ temperature proxies and no
errors in the ice volume change or mixing line gra-
dient, the lowest error that is theoretically possible
(given only the observed scatter in the global d,,:5
relationship and analytical measurement errors) is
~0.45. In the tropics the reduced mixing line scatter
(om1 = 0.13) is roughly balanced by the increased er-
ror associated with the shallower gradient (G = 0.3),
leaving the absolute minimum error about the same
(0.5).

Table 1 shows the errors in §,, and S associated
with different temperature proxies calculated using
the equations above. The difference between the var-
ious methods is substantial. Methods that use tem-
perature proxies that record the in situ temperature
at calcification lead to significantly smaller errors. In
particular, the use of Mg/Ca or Sr/Ca ratios seems to
have the best possibilities (g ~ 0.6-0.9) for recon-
structing salinity changes.

For the reconstruction of paleosalinity through
time and, in particular, at the LGM the uncertain-
ties in the freshwater end-members and subsequent
uncertainties in the §,,:S mixing lines must be con-
sidered. Errors due to inaccuracies in the ice volume
effects barely contribute to the overall error. Consid-
ering the global case first, LGM simulations using at-
mospheric general circulation models (AGCMs) with
isotope tracers have produced high-latitude precipi-
tation 4% [Jouzel et al., 1994] and 6%0 [Joussaume
and Jouzel, 1993] more depleted than at present. A
reasonable guess might then be 5%o, although the un-
certainty in this quantity could be O(2%¢) or greater.
Assuming that the gradient has remained invariant
through time is equivalent to assuming that J% was
actually 1%o greater at the LGM, well outside the er-
ror bars on the modeled values assumed here. As seen
in (8), the influence of this error is dependent on how
far away the estimated J,, is from the ocean mean
water (0;). Assuming differences to be of the order
of 2% for a global reconstruction (though it may be
less in more restricted domains), the og at the LGM
ranges from 0.8 to 1.2 (depending on the temperature
proxy). For an uncertainty of 4% in 0 this increases
to 1.1-1.5 . These are probably reasonable estimates



for the open-ocean midlatitudes. Where there may
have been large changes in sea ice cover, for instance,
in the northern North Atlantic, this is probably an
underestimate.

For the tropics, modeling results from the LGM in-
dicate that isotopic content of mean tropical precipi-
tation increases only by the ice volume effect [Jouzel
et al., 1994]. In different ocean basins the increase
in the average tropical precipitation is within §; £0.5
(bigger increases in the Pacific, smaller in the Indian,
and average in the Atlantic). Hence an estimate for
a basin-specific uncertainty op could be 0.5%¢. The
range of §,, in the tropics is less than for the global
ocean, ~0.5%. Hence the freshwater end-member
contribution to the total error is very small (less than
even the ice volume uncertainty effect). Neglecting
any changes in the difference between mean tropical
water and the global mean leads to an error estimate
of between 1.0 and 1.8%o in the derived LGM tropical
salinity. The errors are larger for the tropical salinities
despite the greater confidence in the freshwater end-
member because the slope of the §,,:5 relationship is
shallower than in the midlatitudes. Errors in the cal-
culated é,, therefore cause proportionately more error
in the salinity.

If many points are being considered and a pattern
of change emerges (either at a single time slice with
many points or over a substantial time interval at a
single point), the error in the salinity difference re-
duces by a factor of 1/y/n, where n is the number
of points. For example, the error in a mean change
of salinity over 10 points decreases by a factor of 3,
though this will only true if the estimates at each
point are truly independent.

All of the error values have been calculated as stan-
dard deviations on the absolute numbers. Since these
absolute numbers might well have a significant off-
set from the actual numbers and in order to remove
systematic errors in any intercept values, salinity dif-
ferences should be considered instead. However, while
this eliminates this source of error, it does increase the
scatter by a factor of V2. Our best estimate of the
error in LGM open-ocean salinity differences is ~1.1
(1.5 in the tropics) using the best proxies (1.7-2.5
for the worst). For statistical significance, differences
should be > 20; hence it could be argued that any
signals in the paleosalinity <2 cannot be considered
conclusive.

5. Conclusions

This paper has demonstrated that previously pub-
lished error estimates of paleosalinities may be signifi-
cantly underestimated. While this is not a significant
problem for tracking the rough position of an impor-
tant salinity front (for instance, in the North Atlantic)
or for assessing a pattern of change, it may prove im-
portant for ocean modeling studies of past climates.
Given the sensitivity of ocean models to even mod-
est changes in the surface restoring salinity (<0.5),
this analysis does not lend support to the use of pa-
leosalinity fields as a boundary condition for ocean
models.

The most serious sources of error occur because of
the calibrations necessary to derive the calcification
temperature from the proxy and because of the un-
certainty in the freshwater end-member in the global
0,:S mixing line. Better in situ proxies such as
Mg/ Ca ratios and better modeling of paleohydrologic
cycles would seem to offer the best hopes for reducing
these errors. It should be pointed out that at times of
rapid climate change, such as the last deglaciation, it
is quite probable that spatial and temporal variations
in the mixing lines were much more severe than can be
accounted for here. One procedure that may reduce
the uncertainty is the use of d,, as an independent
tracer in GCM simulations of paleoclimate as called
for by Rohling and Bigg [1998]. This should allow
for better consistency checks between the simulated
climates the proxy records.

What are the error bars on these error bars? De-
spite my best efforts it is completely possible that in
some steps the likely errors have been overestimated
or the possible cancelations of error have been under-
estimated. However, this paper provides an outline
into which any quantitative improvements in tech-
nique or accuracy can easily be placed.
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Regional ocean surface water 3'%0-S plots (<250m)
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Figure 1. Spread of regional §,,:S mixing lines in modeled output from Schmidt (submitted manuscript, 1999).
The lines in the tropics are significantly shallower than those from higher latitudes, varying as a function of the
evaporation/precipitation balance. Slopes are consistent with observed values (Arabian Sea, 0.28 [Rostek et al.,
1993]; equatorial Atlantic, 0.11; and South Pacific, 0.68 [Craig and Gordon, 1965])
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Figure 2. Temporal gradients (Ad,/AS) as a function of the magnitude of Ad,, over a 30 year period in output
from Schmidt (submitted manuscript, 1999). Note that for small variations in &, (<0.2) the temporal gradient is
unrelated to the modeled spatial gradient (which does not change over this period).
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Table 1. Errors Associated With Various Methodologies

Carbonate Temperature o, or Ocal,® Ty’ Global Error,© Tropical Error,4
Source Proxy °C °C °C %00 os oL
Foraminifera transfer functions 1.9 0.8 1.5 0.52 1.1 1.8
Foraminifera modern analogs 1.5 0.8 1.5 0.46 1.0 1.6
Foraminifera alkenone ratios 1.0 0.8 1.0 0.41 0.9 14
Foraminifera Mg/Ca ratios 1.3 0.8 - 0.32 0.8 1.2
Corals Sr/Ca ratios 1.0 0.5 - 0.23 0.6 0.9

Errors are calculated assuming no uncertainty in the ice volume effect or the freshwater end-member. The absolute

minimum values of o, and os, given the accuracy of the mixing lines and assuming only measurement errors are 0.1%q
and 0.45, respectively.

#Taken from previous publications. See text for sources.
PCalculated from (5).

°Calculated from (8) assuming o, = 0.2 and G = 0.5.
dCalculated from (8) assuming o = 0.13 and G = 0.3.



